Chocolate Pots Hot Springs in Yellowstone National Park is a hydrothermal system that contains high aqueous ferrous iron [*0.1 mM Fe(II)] at circumneutral pH conditions. This site provides an ideal field environment in which to test our understanding of Fe isotope fractionations derived from laboratory experiments. The Fe(III) oxides, mainly produced through Fe(II) oxidation by oxygen in the atmosphere, have high 56 Fe/ 54 Fe ratios compared with the aqueous Fe(II). However, the degree of fractionation is less than that expected in a closed system at isotopic equilibrium. We suggest two explanations for the observed Fe isotope compositions. One is that light Fe isotopes partition into a sorbed component and precipitate out on the Fe(III) oxide surfaces in the presence of silica. The other explanation is internal regeneration of isotopically heavy Fe(II) via dissimilatory Fe(III) reduction farther down the flow path as well as deeper within the mat materials. These findings provide evidence that silica plays an important role in governing Fe isotope fractionation factors between reduced and oxidized Fe. Under conditions of low ambient oxygen, such as may be found on early Earth or Mars, significantly larger Fe isotope variations are predicted, reflecting the more likely attainment of Fe isotope equilibrium associated with slower oxidation rates under low-O 2 conditions.
Introduction
I ron oxides of varying crystallinity are widespread on the surface of Mars, as evidenced from remote spectroscopic measurements by various Mars orbiters (e.g., Bell et al., 1990; Christensen et al., 2000; Kirkland and Herr, 2000; Morris et al., 2000) . In situ measurements from the Viking 1 and 2 landers and Mars Pathfinder show that the martian soil contains about 20 wt % Fe(III) oxide (Clark et al., 1982; Rieder et al., 1997; Bell et al., 2000; Foley et al., 2003) . The Mö ssbauer spectrometer on the Mars Exploration Rover Opportunity detected hematite-rich spherules in Meridiani Planum , and Mars Exploration Rover Spirit also detected Fe phases in Gusev Crater, including amorphous nanophase Fe(III) oxide, hematite, goethite, and ferric sulfate (Morris et al., , 2006 . The formation mechanisms for the coarse-grained gray hematite phases remain a subject of debate (e.g., Hynek et al., 2002; Squyres et al., 2004; Chevrier and Mathé, 2007; Fan et al., 2008; Golden et al., 2008) . One mechanism that has been proposed is formation of crystalline hematite associated with hydrothermal fluids or a groundwater system that involved oxidation, precipitation, and recrystallization from Fe-rich fluids (e.g., Squyres et al., 2004; Grotzinger et al., 2005; McLennan et al., 2005) . It has also been suggested that the coexistence of factors required to form the gray hematite deposits, including liquid water, an electron donor in the form of H 2 , and an electron acceptor in the form of Fe(III), would have produced a favorable environment for life on early Mars (Catling and Moore, 2003) . In this context, a better understanding of geochemical cycling of Fe on Earth will have important implications for studying processes involving Fe transformations on Mars.
Chocolate Pots Hot Springs in Yellowstone National Park is a special hydrothermal system that contains high abundance of aqueous ferrous iron [*0.1 mM Fe(II) at the source] at circumneutral pH, in contrast to other Fe-rich systems in the park that have acidic pH (e.g., Ball et al., 2002) . It has been studied as one of the modern analogues for ancient banded iron formations (BIFs), where the presence of oxidized Fe has been used as evidence for either the earliest biological production of oxygen (Cloud and Licari, 1968; Cloud, 1973) or the emergence of anoxygenic photosynthesis in early Earth's history (Widdel et al., 1993) . Previous work mainly focused on microbial mats with the aim of evaluating the role of both cyanobacterial oxygenic photosynthesis and anoxygenic photosynthesis in the origin of BIFs (Pierson et al., 1999; Pierson and Parenteau, 2000; Trouwborst et al., 2007; Parenteau and Cady, 2010) .
Studies of stable Fe isotope fractionations have provided important insights into Fe redox transformations in both ancient and modern environments on Earth (e.g., Anbar and Rouxel, 2007; Johnson et al., 2008) . Iron isotope compositions in natural environments span a range of about 5-6& in d 56 Fe (defined in the Materials and Methods section) values (e.g., Hofmann et al., 2009; Nishizawa et al., 2010) , with the largest excursions yet noted occurring in Neoarchean and Paleoproterozoic marine sedimentary rocks, including BIFs ( Johnson et al., 2008) . Both biological and abiological processes can fractionate Fe isotopes. Coupled electron and atom exchange has been shown to be the mechanism for Fe isotope fractionation during microbial dissimilatory Fe(III) oxide reduction (Crosby et al., 2007; Wu et al., 2009; PercakDennett et al., 2011) , as well as abiological interaction between aqueous Fe(II) (Fe(II) aq ) and various Fe(III) oxides (Beard et al., 2010; Wu et al., 2011) . Experimental studies have demonstrated that large Fe isotope fractionations are associated with redox changes; for example, equilibrium 56 Fe/ 54 Fe isotope fractionations have been determined to be * + 3& between aqueous Fe(III) (Fe(III) aq ) and Fe(II) aq at 20-22°C and between amorphous Fe(III) oxide (Fe(III) am ) and Fe(II) aq (Wu et al., 2011) .
In the current work, we characterized Fe isotope compositions of the hot springs at Chocolate Pots in order to understand the effects of Fe(II) oxidation on creating Fe isotope variability in fluids and precipitated Fe(III) oxides in a natural setting. This work provides an important opportunity to test our understanding of Fe isotope fractionations based on laboratory experiments in a more complex natural environment.
Materials and Methods

Field site
Chocolate Pots Hot Springs is located about 5 km south of Norris Junction in Yellowstone National Park, Wyoming, where anoxic waters enriched in Fe(II) (*0.1 mM) flow down steep slopes to the Gibbon River. As the springwaters flow downhill, Fe is oxidized through contact with the atmosphere and with mats of photosynthetic bacteria (e.g., Synechococcus, Chloroflexi, and Oscillatoria) (Pierson and Parenteau, 2000; Klatt et al., 2013) . Oxidation of Fe(II) results in precipitation of Fe(III) oxides, forming a large sinter mound.
Long-term temporal analyses of the hydrothermal waters at Chocolate Pots have shown that fluid compositions have remained relatively constant over at least 75 years (Allen and Day, 1935; Pierson and Parenteau, 2000; Parenteau and Cady, 2010) . It is important to note that the Chocolate Pots springwater contains high concentrations of dissolved silica (*100 to 150 ppm) (e.g., Allen and Day, 1935; Pierson and Parenteau, 2000; Parenteau and Cady, 2010) . The mineralogy of surface and subsurface Fe(III) oxides have been characterized by using a variety of methods (Wade et al., 1999) . Field emission scanning electron microscopy and energy-dispersive X-ray fluorescence spectroscopy of surface samples identified the primary Fe(III) oxide precipitate as Fe(III) am , which is consistent with Mö ssbauer spectroscopy and X-ray diffraction results (Wade et al., 1999) . In addition, Fe(III) am and Fe-rich silicates (possibly nontronite) interbedded with amorphous silica were observed in samples closest to the vent. Hematite and goethite were also detected in some samples, and siderite was identified at depths greater than 1 mm within the mound.
Sample collection
Samples of hydrothermal fluids and Fe(III) am were collected along several traverses from the vent source at the top of the mound to the base of the flow path where waters flow into the Gibbon River (*14 m distance) (Fig. 1) . Three separate spring sources were sampled on the main mound at Chocolate Pots, one emanating from the main central vent and two satellite vents on the north and south sides of the main mound. Fe(III) am and water samples were taken from the Main Mound vent (MM) at an uppermost traverse near the vent source, a pool just downhill from the source (MM1), five middle traverses (MM2 to MM6), and a lower traverse near the river (MM7). The satellite vent on the south side of the main mound (SS) was sampled along three traverses (SS0, SS1, and SS2), and the North Satellite vent (NS) was sampled at the top and base of the flow path (NS0, NS1). All the distal samples are from incised channels that contain water derived from a single vent and do not contain significant amounts of phototrophic Oscillatoria olive green cyanobacterial mats, which are typically located where water flows in a laminar manner over steep smooth faces of the Lava Creek tuff (e.g., Pierson and Parenteau, 2000) . However, each vent is located in a depression of the Lava Creek tuff that forms a pool which contains high-temperature (48-54°C) phototrophic mats. At the Main Mound vent and the South Satellite vent, the cyanobacterial mats are predominantly 
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Synechococcus and Chloroflexi (Klatt et al., 2013) . At the North Satellite vent, the cyanobacterial mat consists predominantly of Pseudanabaena and Mastigocladus. Water samples were collected in June of 2003 by pumping spring fluids through a 0.45 lm polyethylene capsule filter. To limit loss of Fe(II) by oxidation during sample collection, the tubing and capsule used for sample collection were purged with N 2 prior to water sampling, and then several liters of water were pumped through the tubing and capsule filter before the sample was collected. Water samples were pumped directly into 250 mL polyethylene bottles that had 5 mL of 8 M HCl in them, which was used to preserve the solution. The amount of Fe loss that could have occurred during water sample collection was evaluated by measuring the Fe(II) concentration of the water at the sample collection locality (no filtration) and from fluid that had been filtered. Iron concentration measurements were performed in the field by using the Ferrozine assay (Stookey, 1970) . The adsorption at 562 nm was measured within seconds of addition of the sample into the Ferrozine buffer with a batteryoperated portable spectrophotometer. The analytical error for iron concentrations is within 5% (2r) based on replicate analyses. For some samples, there appeared to be some Fe loss, where the postfilter Fe concentration is less than the prefilter concentration. Iron loss most likely reflected oxidation of Fe(II) to a Fe(III) oxide, which was trapped by the filter. Water samples were also collected in 2001 with syringe filters fitted with 0.2 lm Teflon filters, similar to the methods used by Bullen et al. (2001) , but for our samples this method resulted in 20-50% Fe loss for all samples due to oxidation. Water samples were collected from the same sites during the day and at night to evaluate whether there were significant differences in Fe(II) oxidation rate as a result of changes in photooxidation and/or oxidation driven via O 2 production by phototrophic mats at the vent site. The proportion of Fe(II) precipitated was calculated by comparing the Fe(II) concentrations in distal samples relative to the source water (Table 1) . Temperature measurements were made with a K-type thermocouple, and pH measurements were taken with a portable pH meter (analytical error -0.05 pH units) ( Table 1) .
Iron oxide samples were collected in June 2001 and June 2003. Samples were collected with a transfer pipette; hot spring waters from the sampling site were sucked into the pipette and then rapidly expelled in order to suspend Fe(III) am particles. These suspended particles were sucked back into the pipette and then transferred to clean polyethylene storage bottles. Samples were allowed to settle for approximately 30 min; then fluid was removed. Distilled water was added to the solid and then allowed to settle for an additional 30 min to remove as much pore fluid from the sample as possible. This process of rinsing was repeated three times to remove the Fe-rich interstitial fluids from the Fe(III) am and prevent continued precipitation of Fe during sample transport. All Fe(III) am samples varied greatly in grain size. In an attempt to isolate a restricted size range for isotopic analysis, samples were shaken vigorously in the laboratory and allowed to settle *5 s. Two 500 lL aliquots of suspension were then removed from the upper portion of the bottle and transferred to a centrifuge tube. Samples were centrifuged, rinsed three times with DI water to remove any remaining pore fluid, and then dissolved in 7 M HCl for anion-exchange chromatography.
Iron isotope measurement and nomenclature
All samples were purified by anion-exchange chromatography, followed by Fe isotope measurements with MC-ICP-MS, as previously described (Allen and Day, 1935; Pierson and Parenteau, 2000) and produced the same d
56 Fe values as the original salt used, ensuring that no isotopic fractionation was induced during chemical processing (Supplementary Table S1 ; supplementary material is available online at www.liebertonline.com/ast). The measured isotope composition of the IRMM-014 standard is d 56 Fe = -0.09 -0.10& (2r, n = 54). Partial dissolution tests were done on both natural and synthetic Fe(III) am samples to evaluate the isotopic heterogeneity of the solid samples. Different strengths of HCl solutions were used to dissolve a progressively higher percentage of solids, and leachates and residues were separated by centrifugation.
Results
The pH of water samples collected in this study increased along the downhill flow path, from *5.5 in the vents to *7.5 near the base of the slope. This change was accompanied by a decrease in temperature from 52°C at the source to 36°C, where it flows into the Gibbon River (Table 1 , Fig. 2A, 2B ). Dissolved oxygen concentration increased along the flow path, and Fe(II) concentration decreased as a result of oxidation (Table 1 , Fig. 2C, 2D ). Measurements of Fe(II) and total Fe concentrations in the water samples indicated that dissolved Fe(III) was below the detection limit of 5 lM. The trends in pH, temperature, and Fe(II) concentration with distance from vent were the same for water collected at night and during the day (Fig. 2) .
Iron isotope compositions of waters at all three vent sources were similar, with at most a 0. Fig. 3 ). Five bulk oxide samples collected from distal areas, where greater than half the fluid Fe(II) (relative to the source water) had been oxidized and precipitated (Table 1) , had a relatively constant d 56 Fe value of -1.0 -0.15&. The Fe isotope composition of the bulk Fe(III) am sample was studied for isotopic heterogeneity with a partial dissolution method (Table 2) . Partial dissolution results show that oxides in and near the vent had a homogenous isotopic composition (Fig. 4A) . The relatively homogenous precipitates near the vent source likely reflect almost instantaneous precipitation upon exposure of Fe(II) to the oxygenated atmosphere. This is consistent with the results from our rapidly precipitated synthetic amorphous Fe(III) oxide in the laboratory (*100% precipitation in less than 1 min), which was also shown to be isotopically homogenous. In contrast, bulk Fe(III) am from distal localities had heterogeneous Fe isotope compositions compared to vent samples (Fig. 4B , Table 2 ). In nearly all samples taken from farther down the flow path, the acid leachate had a more negative d 56 Fe value (absolute values from 0.2& to 2.3&) than the residual oxide. Tests on synthetic amorphous Fe(III) oxides indicated a maximum fractionation of *0.2& between the leachate and remaining oxide (Supplementary Table S2 ); such a range may have been produced during the preparation of the solid.
Discussion
Iron isotope fractionation factors derived from experimental systems
Early studies of abiological and biological oxidation of Fe(II) aq that produced amorphous Fe(III) oxide demonstrated that Fe isotope compositions broadly followed a Rayleigh fractionation trend, where a net Fe(II) aq -Fe(III) am 56 Fe/ 54 Fe fractionation factor between -1& and -2& was inferred (Bullen et al., 2001; Croal et al., 2004; Balci et al., 2006) . At the time, the equilibrium Fe(II) aq -Fe(III) am fractionation factor was not known. Beard and Johnson (2004) suggested that the equilibrium Fe(II) aq -Fe(III) am fractionation might be similar to that of the Fe(II) aq -Fe(III) aq or Fe(II) aq -hematite of * -3& at room temperature ( -2.3& at 50°C) and modeled the -1& to -2& overall fractionation to reflect a combination of an equilibrium Fe(II) aq -Fe(III) aq fractionation and a kinetic Fe(III) aq -Fe(III) oxide fractionation upon precipitation. Although the concentrations of different Fe phases change with time, isotopic equilibrium between Fe(II) aq and Fe(III) aq can still be maintained because experiments have demonstrated that this process is essentially complete within a few minutes in dilute solutions Welch et al., 2003) . Dauphas and Rouxel (2006) provided an analytical solution for this two-step model. The magnitude of the kinetic Fe(III) aq -Fe(III) oxide fractionation factor appears to be controlled by precipitation rate, where precipitation on the timescale of tens of minutes results in *1.5& fractionation, and at more rapid rates (seconds) the fractionation factor is smaller Fe fractionation factor has recently been determined to be -3.17 -0.08 (2r) & with silica in solution at 20°C (Wu et al., 2011) . When Fe(III) am was co-synthesized with silica, the equilibrium Fe(II) aq -Fe(III) am fractionation factor changed as a function of the molar Fe:Si ratio of the solid, demonstrating the influence of silica on Fe isotope fractionations (Wu et al., 2012) . It is important to note that an isotopically unusual phase was generated upon initial mixing of Fe(II) aq and Fe(III) am when silica was present in both the coprecipitated solid and in solution (Wu et al., 2012) alone (Wu et al., 2011) . It is important to keep this phenomenon in mind when interpreting Fe isotope data from Si-bearing natural systems.
Iron isotope compositions in Si-bearing natural systems
Given the new constraints on the equilibrium Fe(II) aqFe(III) am fractionation factor (Wu et al., 2012) , the Fe isotope variations measured in this study indicate little isotopic equilibration between Fe(II) aq and Fe(III) am precipitates relative to trends expected for equilibrium fractionation (Fig.  3A) . The rapid oxidation rate and hydrologic flow through the system probably limit the interaction time between Fe(II) aq and Fe(III) am to values much less than that required for equilibrium fractionation between the two phases, which occurs on the timescale of days (Wu et al., 2012) , thus preventing the achievement of equilibrium Fe isotope fractionations (Fig. 3A) .
Our measured Fe isotope variations for aqueous and solid precipitates cannot be explained by Rayleigh fractionation for which a moderate overall Fe(II) aq -Fe(III) am fractionation of -1& to -2& is used (Fig. 3A) . There are two plausible explanations for the observed values. First, as shown by partial dissolution of solid samples at distal localities, an isotopically light phase had been detected when only a small percentage of the solid was dissolved (Fig. 4B) , which presumably reflected the newly precipitated solid on the surfaces of the bulk solid. The d
56 Fe values of this phase were significantly lower than the aqueous samples. As noted above, a sorbed component that is isotopically lighter than the aqueous phase has been observed in experiments upon mixing of Fe(II) aq and an Fe(III) am -Si coprecipitate (Wu et al., 2012) . Although both phases were isotopically lighter than the aqueous component, the sorbed phase observed in the Wu et al. (2012) experiments was purely Fe(II), whereas the leachate from partial dissolution of the Chocolate Pots solid represented an Fe(III) component. The Chocolate Pots springwater contains about 100-150 ppm dissolved silica (e.g., Allen and Day, 1935; Pierson and Parenteau, 2000; Parenteau and Cady, 2010) , and SEM-EDS analyses revealed the presence of Si in Fe(III) oxide samples (Parenteau and Cady, 2010) . Therefore, it is reasonable to hypothesize that isotopically light sorbed Fe(II), produced upon mixing of Fe(II) aq and Fe(III) am under conditions where Si exists in both solid and solution, was completely oxidized and rapidly precipitated on the surfaces of existing Fe(III) am . The maintenance of a steady-state condition between Fe(II) aq and isotopically light sorbed Fe(II) would then explain the observed d
56 Fe values for the Fe(II) aq . Another example for the control of Si on Fe isotope compositions comes from the study by Bullen et al. (2001) , who found differences in isotope composition between aqueous Fe and precipitated Fe(III) oxides that are generally similar to those of our study. The field site in New Zealand was much like Chocolate Pots (except that the water was not hydrothermal), where Fe-rich fluids became progressively oxidized with increasing distance from the vent, accompanied by precipitation of Fe(III) am . The results of their study revealed Fe(III) am to be consistently heavier (by *0.9&) than Fe(II) aq along the upper portions of the flow path. They also observed a decrease in isotopic fractionation between Fe(III) am and Fe(II) aq with distance from the source. Bullen et al. (2001) attributed the decreasing isotopic fractionation between aqueous and precipitated Fe with distance down the flow path to back reaction of aqueous Fe, or possible leakage of high d
56
Fe colloidal Fe in solution through the filter during sampling. The results of this study suggest a different interpretation, that is, that the decreasing isotopic fractionation between aqueous and precipitated Fe down the flow path was due to the generation of an isotopically light sorbed component upon mixture of Fe(II) aq and Si-containing Fe(III) am . The New Zealand springwater contains 30-70 ppm silica (Childs et al., 1982) , and the resident Fe(III) oxides contain Fe-O-Si bonds, as revealed by infrared adsorption analyses, arguing against a physical mixture of silica and Fe(III) oxides (Henmi et al., 1980; Childs et al., 1982) . As with the Chocolate Pots study, decreasing fractionation trend in the New Zealand system cannot be explained by back reequilibration between Fe(II) aq and Fe(III) am , because isotopic equilibration takes place on the timescale of days rather than minutes (Wu et al., 2012) .
An alternative explanation for the observed d 56 Fe values for Fe(II) aq is the existence of an internal source of Fe(II) aq that had a different Fe isotope composition than that of the hydrothermal fluid. Regeneration of Fe(II) via dissimilatory microbial reduction of isotopically heavy Fe(III) oxide could enrich the Fe(II) aq pool in the heavy isotope, leading to a fundamentally different pattern of Fe isotope fractionation than would occur in a strictly Fe(II) oxidation-driven reaction system. A schematic model shows how this model could produce the observed values (Fig. 5) ( -2.6& at 36°C) . However, it is unknown precisely how the kinetic fractionation factor will change as a function of temperature. If assuming no change in kinetic fractionation factor, then the overall fractionation factor D 56/54 Fe between Fe(II) aq and Fe(III) am will likely become more negative than -1.6& along the flow path. This in turn will require an isotopically heavier ''new'' Fe(II) than that in the model to produce the measured d 56 Fe for Fe(II) aq at the distal locations. Nevertheless, the proposed model is only a schematic one, and details on the model will not change the fundamental fact that precipitation of Fe(III) am alone cannot produce the observed isotopic compositions for the fluid and thus requires contribution from other processes such as dissimilatory iron reduction. Further investigation of Fe isotope compositions of the pore water and the sediments are required to test this hypothesis. Recent microbial cultivation studies have revealed the presence of abundant anaerobic microorganisms capable of reducing natural Fe(III) oxide phases in the deposited materials (Roden et al., unpublished data) .
It is unlikely that the observed small fractionation factor was due to speciation changes. Speciation calculations that use temperature, pH, and chemical compositions for hydrothermal fluids from upper (MM1), middle (MM3), and lower (MM7) (Welch et al., 2003) . In particular, changes in complexation with hydroxyl rather than water ligands are unlikely to produce significant differences in Fe isotope fractionation between Fe(II) and Fe(III) (Schauble, 2004) .
Additional issues that may play a role in determining the observed in situ Fe isotope compositions include changes in reduction potential of hydrothermal fluids dependent upon local photosynthetic activity. Phototrophic cyanobacteria create dissolved oxygen concentrations in the surface of thick Oscillatoria mats (maximum values from 150 lM to greater than 300 lM measured in daytime sunlight) that are typically greater than air saturation levels (*150 lM) (Pierson et al., 1999; Trouwborst et al., 2007) . In contrast, the oxygen production rates are lower in the thinner Synechococcus mats near the vents due to fewer cells, resulting in oxygen in the mats lower than the supersaturated levels observed in the other cyanobacterial mats (Pierson et al., 1999; Trouwborst et al., 2007) . The oxygen levels decrease in the dark, where mat surfaces can, in some cases, become anoxic. pH in the mats also varies with photosynthetic activity, with values of 8.5 in the light in Oscillatoria mats due to the photosynthetic fixation of CO 2 dissolved in pore water of the mats (Pierson et al., 1999) , compared to values between 7.5 and 8.5 in the dark. This is in contrast to the Synechococcus mats, where pH remains at *6 due to the rapid and voluminous flushing of the mats by the anoxic vent waters, which are pH 5.5-6 (Trouwborst et al., 2007 Bullen et al., 2001) . We propose two explanations for the observed values. One is that under the conditions that silica existed in both solution and solid, which is highly likely applicable to Chocolate Pots Hot Springs, light Fe isotopes partition into a sorbed component and later precipitate out on the oxide surfaces, and this signal was diluted by the bulk oxide material that was analyzed. The other explanation is internal regeneration of isotopically heavy Fe(II) via dissimilatory Fe(III) reduction farther down the flow path as well as deeper within the mat materials. Further investigation of Fe isotope compositions for the sediments would be required to evaluate this hypothesis.
These findings show that, in a chemically complex environment where ambient O 2 is abundant, interaction of aqueous Fe(II) and the precipitated amorphous Fe(III) oxide does not reach isotopic equilibration due to rapid oxidation rate, and limited isotopic variations are produced as a result. In addition, findings from this study also provide evidence that silica plays an important role in governing Fe isotope fractionation factors between reduced and oxidized Fe. Our study suggests that under conditions of high ambient oxygen, where oxidation of Fe(II) is rapid, the lack of isotopic equilibrium between Fe(II) and Fe(III) components will produce limited, although still significant, Fe isotope variability in the hot spring deposits. In contrast, under early Earth or Mars conditions, where free oxygen was likely much more limited (e.g., Owen, 1992 Fe ratios. Such information will be key to interpreting the paleoenvironmental significance of relic hydrothermal deposits on Mars [see Marion et al. (2011) for a recent discussion of potential martian hot spring environments].
